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[1] The objective of this study was to assess the relative magnitude of latent heat flux
density over a bare loess soil in the Negev desert throughout the dry season, during which
the atmospheric models usually assume the lack of latent heat flux. The measurements
were carried out in the northern Negev, Israel, over a bare loess soil, during nine 24-hour
field campaigns throughout the dry season of 2002. In addition to a micrometeorological
station that was set up in the research site, an improved microlysimeter was installed.
The representativity of the microlysimeter was assessed by comparing its surface
temperature to that of the surrounding surface using thermal images acquired on an hourly
basis during several campaigns. It was found that although the water content of the
uppermost soil is significantly lower than the wilting point, for which most of the
commonly used meteorological models would assume no latent heat flux, the latter was
�20% of the net-radiation during the night and 10–15% during the day. It is therefore
concluded that latent heat flux plays a major role in the dissipation of the net radiation
during the dry season in the Negev desert. INDEX TERMS: 1866 Hydrology: Soil moisture

1878 Hydrology: Water/energy interactions; 3322 Meteorology and Atmospheric Dynamics: Land/atmosphere

interactions; KEYWORDS: energy partitioning, latent heat flux, bare soil
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1. Introduction

[2] Land surface processes in general, and the energy
partitioning at the soil surface in particular, play an impor-
tant role in global and mesoscale studies. These processes
are usually integrated as subsets (or submodels) of global
and mesoscale models. During the last decade a number of
land surface models have been developed [Yang et al.,
1998]. One of their main tasks is to describe the patterns
of radiant energy dissipation at the land-atmosphere inter-
face, which above bare soil are determined by the moisture
content of the soil surface. It is therefore reasonable that the
quality of land surface models should be judged by the
accuracy with which they compute the aforementioned soil
water content [Irannejad and Shao, 1998]. The moisture
level of the soil is the result of the interaction of atmo-
spheric variables (radiation, temperature, wind speed, etc.)
with the transport of mass and energy in the soil. The
transport of mass and energy in the soil (and consequently
evaporation of water from the soil surface) has been
intensively studied, and various formulations and numerical
solutions based on the general theory of Philip and de Vries

[1957] have been presented [e.g., Milly, 1982, 1984; Kondo
et al., 1990; Scanlon and Milly, 1994; Parlange et al., 1998;
Qin et al., 2002]. The use of such detailed descriptions is
not appropriate for large-scale modeling due to the vast
amount of field data required [Yang et al., 1998] and the
intense computational efforts involved. This problem is
usually circumvented by parameterizing the evaporation
flux as a function of the potential evaporation and some
easily computed index of surface moisture [Shao and
Henderson-Sellers, 1996].
[3] One approach to the parameterization method is the

supply and demand formulation, according which the actual
evaporation rate is computed from

E ¼ min Ep;Ec

� �
ð1Þ

in which E, Ep and Ec (W m�2) are the actual evaporation,
the potential evaporation and the maximum rate at which
the soil profile can transport water to the soil surface,
respectively. It should be noted that even though this
approach is simpler than simultaneously solving the coupled
equations for mass and energy in the atmospheric boundary
layer and in the soil, the drawbacks mentioned previously
apply to the computation of Ec. The computation of the
actual evaporation using formulae of the type

E ¼ bEp ð2Þ
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in which b depends explicitly on the soil water content is
therefore favored and widely used [Shao and Henderson-
Sellers, 1996].
[4] Carlson et al. [1984] defined b as:

b � Rb

Rb þ Rs

� q
qsat

; ð3Þ

where Rb (m s�1) and Rs (m s�1) are the atmospheric and
soil resistances respectively and q and qsat the actual and
field saturation values of volumetric soil water content. b
varies from 0 (absolutely dry surface) to 1 (saturated
surface), and its value is required for each grid point in the
model. Carlson et al. [1984] suggested deriving b from the
remotely sensed surface temperature and thermal inertia.
The simplicity of the approach and the possibility to obtain
maps of b using remotely sensed data are two attractive
features of this approach. The linearity of the dependence
appears, on the other hand, to be an oversimplification. As
a result, an improved formulation, which accounts for the
field capacity and the wilting point moisture contents of
the soil, was incorporated in the land-surface model that is
used as part of the fifth generation Mesoscale Model
(MM5), jointly developed by the Pennsylvania State
University and the National Center for Atmospheric
Research. In this model, b is computed using [Chen and
Dudhia, 2001]

b ¼ q� qw
qref � qw

; ð4Þ

where q is volumetric water content, and qref and qw are
field capacity and wilting point.
[5] In this case as well, b varies linearly from 0 (no

evaporation) to 1 (evaporation at a rate that equals the
potential evaporation). This formulation is based on the
implicit assumptions that the soil moisture content does not
drop below the wilting point (as b cannot be negative), and
therefore latent heat flux vanishes when the soil moisture
content reaches the wilting point. Mesoscale models of this
type were developed mostly for temperate climate zones
[Bougeault, 1991], for which these assumptions are proba-
bly valid. Their applicability to other climatic regions
should be considered with great care. A point in case would
be desert areas, for which it has been shown that the soil
dries well below the wilting point [Boulet et al., 1997].
[6] The detailed description of land-surface processes is,

however, not limited to mesoscale models, but is also a key
feature of global circulation models. It was found that the
exchanges of momentum, heat and moisture between the
atmosphere and the Earth’s surface have a fundamental
influence on the dynamics and thermodynamics of the
atmosphere [Chen and Dudhia, 2001]. Evidence from
atmospheric general circulation model experiments suggests
that the climate is sensitive to variations in evaporation from
the land surface [Schmugge and Andre, 1991]. As the
accuracy of the general circulation models response is
dominated by subgrid-scale parameterizations of inputs
and parameters of land surface processes [Avissar and
Pielke, 1989; Hu and Islam, 1997; Robock et al., 1998;
Sridhar et al., 2003], the accuracy and sensitivity of these
inputs are of great importance.

[7] The parameterization method described above (i.e.,
parameterizing the actual evaporation according to the soil
water content) is, however, very crude [Blondin, 1991]. It
was found that model simulation results are very sensitive to
the soil parameters chosen for assessing b [Shao and
Henderson-Sellers, 1996; Lohmann et al., 1998] especially
during nighttime [Irannejad and Shao, 1998] and when the
soil is relatively dry [Yang and Dickinson, 1996; Yang et al.,
1998]. Notwithstanding the uncertainties of this type of
parameterization, it is still widely used [e.g., European
Centre for Medium-Range Weather Forecasts, 2002].
[8] In general, land surface models differ only slightly

from each other, and are all based on different degrees of
simplification of the detailed processes [Yang et al., 1998;
Gusev and Nasonova, 2003]. The urgent need is therefore
not to develop ‘‘new’’ land surface models, but to evaluate
and test the available models with field data. Moreover,
high-quality field data are crucial for improving land surface
models [Yang et al., 1998].
[9] Very few data sets that address the problematic

environmental conditions stated above are available. Usu-
ally, in arid zones, measurements of evaporation are carried
during the period during which the soil remains wet in the
wake of rainfall events [Mitsuta et al., 1995]. The rationale
being that during the dry period evaporation is negligible.
Surprisingly, however, diurnal changes in the water content
of the uppermost soil layer (with a corresponding latent heat
flux density) were monitored in the desert even during
the dry season [Agam (Ninari) and Berliner, 2004]. The
commonly used approach to the parameterization of evap-
oration discussed previously (equation (2)), may, in these
circumstances, lead to significant errors in the assessment of
the radiation dissipation patterns in arid zones. The objec-
tive of this study was to assess the relative magnitude of
latent heat flux density over a bare loess soil in the Negev
desert throughout the dry season, during which the atmo-
spheric models usually assume the lack of latent heat flux.

2. Materials and Methods

[10] The measurements were carried out at the Wadi
Mashash Experimental Farm in the northern Negev, Israel
(31�080N, 34�530E; 400 m A.M.S.L., 60 km from the
Mediterranean Sea). Rainfall events occur between October
and April, and the mean annual rainfall at the farm is
115 mm. Long-term maximum and minimum temperatures
are 14.7�C and 4.8�C for January; and 32.4�C and 18.6�C
for July, respectively. Class A pan evaporation is 2500–
3000 mm per year. The soil is a sandy loam Aridisol (Loess)
with 13% clay, 15% silt, and 72% sand.
[11] Data were collected during nine 24-hour field

campaigns that took place during the dry season of 2002. A
total of 124 mm of rain was recorded during the rainy season
of 2001–2002 (prior to the above mentioned measuring
period). The first campaign took place 10 weeks after the
last rainfall of the 2001–2002 season (29 March, 13.5 mm),
and the last one ended about 2 hours before the first rainfall
of the next season (30 October). The remaining seven
campaigns were randomly spread within these two dates.
[12] During each campaign a micrometeorological station

was installed nearby, in a spot in which the fetch in the
prevailing wind direction (N-NW) is 200 m and devoid of
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vegetation, for continuous measurement of incoming and
reflected short-wave radiation with two pyranometers
(CM5, Kipp & Zonen); net-radiation (Q-7, Campbell Sci-
entific Inc.); wind speed at four levels (2, 1, 0.5, 0.25 m)
with cup-anemometers (014A Met-One); dry- and wet-bulb
temperatures at 1m height using a self-designed aspirated
psychrometer; soil heat flux at three different locations in
the field with heat flux plates (HFT-3, Campbell Scientific
Inc.) installed at a depth of 50 mm, and temperature
measurements above them at 10 mm intervals, using differ-
entially wired thermocouples. Sensible heat flux was mea-
sured with a sonic anemometer (CA27, Campbell Scientific
Inc.). Data were measured and collected every 10 s and
averaged every 30 min by a data logger (23X, Campbell
Scientific Inc.). Additionally, the changes in mass of an
improved microlysimeter [Ninari and Berliner, 2002]
(186 mm diameter and 550 mm of effective depth with an
additional 50 mm of polyurethane insulation) were recorded
by placing the microlysimeter in a pit and weighing it every

half hour. The PVC tube containing the undisturbed soil
sample was isolated by polypropylene to avoid lateral heat
flux. The scale (AND, maximum weighting capacity of
30 kg) had a resolution of 0.1 gram, which resulted in a
resolution of 0.004 mm (equivalent depth of water) or
5.11 W m�2 (in energy terms). The output of the scale
was registered automatically every half hour by a palm
computer (48GX, Hewlett Packard).
[13] Thermal images of the microlysimeter surface

together with its surroundings were acquired hourly during
several campaigns throughout the season, using a thermal
video radiometer (TVR) (INFRAMETRICS 760, 1994).
The TVR is highly sensitive in terms of both radiometric
temperature and spatial resolutions of the surfaces (±0.05�C
and about 0.035 m from height of 20 m, respectively). For
the current study, the sensor configuration was optimized to
work across the spectral region of 3–14 mm, and the optic
configuration enabled a field of view (FOV) of 20� along an
instantaneous field of view (IFOV) of 1.8 mRad. Using an
onboard internal calibration procedure, the calibration
information for each scene of the raw data was recorded
on an 8 mm NTSC magnetic tape. Selected images were
saved as TIFF files and further processed with image
processing software. Analysis and results of five out of
the nine campaigns, for which complete sets of data are
available, are presented in this paper.

3. Data Analysis and Evaluation

[14] Because of the fact that the dates of the campaigns
were selected randomly, it was important to substantiate that
they are representative. Data of prime meteorological
parameters (i.e., incoming short wave radiation, air temper-
ature, relative humidity and wind speed) were collected
from a meteorological station located not far from the
research site (and influenced by the same mesoscale con-

Figure 1. Diurnal changes in the relative humidity
measured for each of the campaigns, together with the
monthly averages (±1 standard deviation) for the same time
intervals are presented. Data were collected from a
meteorological station located not far from the research site
(and influenced by the same mesoscale conditions).

Figure 2. A sample of a thermal image of the micro-
lysimeter and its surrounding, acquired at midnight 26–
27 June. The gray level indicates the surface temperature
(the brighter the color, the warmer the surface). The dark
area around the soil sample is the polypropylene isolation.
The two rectangles mark the subsets from which the pixels
data were extracted.
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ditions). Data measured during the campaigns were com-
pared to the corresponding monthly averages. Campaign
dates in which the values measured were within the
range of ±1 standard deviation from the monthly average
were considered representative. The diurnal changes in the
relative humidity measured for each of the campaigns,
together with the monthly averages for the same time
intervals are presented as an example in Figure 1. It can be
observed that the relative humidity during the campaigns
was within 1 standard deviation from the monthly average,
except for a few hours at noon of 4 August. Similar patterns
were found for the other parameters. It was concluded
therefore that the meteorological conditions during these
campaigns (of which the dates were randomly selected) are
representative of the conditions for the season they stand for.

[15] Various techniques have been used for the measuring
of latent heat flux, most of them relaying on micrometeoro-
logical methods [Brutseart, 1982]. However, in arid envi-
ronments, the magnitude of latent heat flux during the dry
season is very small, a fact that poses some very special
technical measurement difficulties [Ninari and Berliner,
2002]. In such conditions, even small errors in the param-
eters used in those methods may result in errors that are of
the order of magnitude of the flux itself. Direct methods for
measuring latent heat flux are therefore advantageous.
Theoretically, the use of a microlysimeter provides an
absolute reference for latent heat fluxes, as long as the soil
and the heat balance of the microlysimeter are similar to
those of the surrounding area. Provided the soil sample is
undisturbed and representative of the area, similar temper-

Figure 3. (a) The daily course of the average temperature (plus or minus standard deviation) of the soil
and the microlysimeter, (b) together with the absolute differences between the average temperatures of
the soil and the microlysimeter compared to the standard deviation from their averages, for 26–27 June
and 25–26 September.
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ature profiles will yield equal surface temperatures and
hence guarantee that the latent heat fluxes measured with
the microlysimeter represent the surrounding soil [Ninari
and Berliner, 2002].
[16] The representativity of the microlysimeter was tested

during several campaigns by comparing its surface temper-
ature to that of the surrounding area. Thermal images of the
microlysimeter surface together with its surroundings were
acquired hourly. Figure 2 is an example for the acquired
images. The representativity of microlysimeters containing
undisturbed soil cores usually decreases with time, and in
studies with wetting cycles (rain, irrigation) it is common to
replace the sample. The disadvantage of this procedure is
that it is time consuming and probably affected by the
spatial variability of the soil characteristics. In this study, one
core was used throughout the whole dry period, and
its representativity was assessed shortly after insertion
(26–27 June) and toward the end of the measuring season
(25–26 September). For the selected campaigns, two sub-
sets of the images (indicated in Figure 2 by the marked
rectangles) were produced, representing the surface of
the microlysimeter’s soil sample and the surrounding soil.
The rectangle representing the microlysimeter contained
1071 pixels and the one representing the surrounding soil
33472 pixels, located in an undisturbed area. For each date a
set of 20 pairs of subsets were analyzed to compare the
surface temperature of the microlysimeter sample to the
surrounding soil.
[17] The daily course of the average temperature (plus or

minus standard deviation) of the soil and the microlysimeter
are presented in Figure 3a. Figure 3b shows the absolute
differences between the average temperature of soil and the
microlysimeter compared to the standard deviation from
their averages. Performance of a goodness-of-fit test
showed that the daily course of temperatures of both the
microlysimeter surface and the soil surface was similar (For
26–27 June, c2 = 0.483, and for 25–26 September, c2 =
0.271). During most of the day, the temperature difference
between the sample and the soil are less than 0.5�C. A peak
difference of 1�C in the morning (9:00 in June and 8:00 in
September) is due to a shadow partially falling on the
microlysimeter sample for a very short time (because of
technical constraints). Moreover, during most of the day, the
standard deviations (for both the sample and the soil) are of
the same order of magnitude as the temperature differences
between them. It can therefore be concluded that the
soil sample in the microlysimeter is representative of the
surrounding soil, and that the changes in soil water content
measured by the microlysimeter are reliable and represen-
tative of the changes in the soil water content (and thus the
latent heat flux) of the surrounding soil.
[18] In order to assess the relative contribution of the

latent heat flux to the energy balance at the soil surface it is,
however, important to carefully evaluate the quality of the
entire energy balance data. The energy balance at the soil
surface is described by

NRþ Gþ H þ E ¼ 0 ð5Þ

in which NR is net-radiation and G, H, and E are soil,
sensible, and latent heat fluxes, respectively. All compo-
nents of the energy balance equation are in (W m�2).

[19] An additional component of the energy balance that
should be carefully treated is the soil heat flux. Although its
daily mean value is often one or more orders of magnitude
smaller than the remaining terms in the energy-balance
equation (5), this is not the case during shorter periods of
time during which it may be one of the dominating fluxes
[Ninari and Berliner, 2002]. Soil heat flux plates were
inserted in three different places within the measurement
site, at a depth of 50 mm. The soil heat flux was computed as
the sum of the soil heat flux measured at 50 mm depth (Gp)
and the heat stored in the uppermost 50 mm of the soil (Gs):

G ¼ Gp þ Gs: ð6Þ

The heat storage was computed using

Gs ¼
X5
j¼1

gjþ1=2

gjþ1=2 ¼ Cv
Ti
jþ1 þ Tiþ1

jþ1

� �
� Ti

J þ Tiþ1
j

� �

2

DZ

Dt

ð7Þ

in which gjþ1=2 is the mean heat gain/loss for a soil layer of
thickness DZ(= 0.01 m) between depths j and j + 1 for time
interval Dt(= 3600 s) (between i and i + 1); Cv is the
volumetric heat capacity of the layer (J K�1 m�3); and T is
the soil temperature (an average of the three locations) (K).
[20] Finally, an assessment of the quality of the complete

energy balance is important. The degree of closure of the
energy balance is a common approach for validating data.
Complete closure (H + E = �(NR + G)) is rarely, if ever,
attained [Turnipseed et al., 2002]. A scatterplot of (H + E )
versus (NR + G) together with the corresponding regression
analysis is presented in Figure 4. A slope of 0.9 and a

Figure 4. The sum of sensible (H ) and latent (E) heat flux
densities versus the sum of net-radiation (NR) and soil heat
flux density (G) together with the corresponding regression
analysis. A slope of 0.9 and a correlation coefficient of
0.93 indicate satisfactory closure.
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correlation coefficient of 0.93 were computed for the
present data set. The lack of closure is most likely the result
of measurement errors, probably due to the fact that each of
the four fluxes was measured using a different instrument.
However, when this result is compared to the degree of

closure reported in the literature by others (partial list in
Table 1), the degree of closure achieved in the present study
can be deemed satisfactory.

4. Results and Discussion

[21] The matric potential corresponding to the maximum
daily moisture content of the uppermost soil layer is less
than �400 bar (computed using the van Genuchten [1980]
formulation using the coefficients suitable to the studied
soil). However, even though the matric potential of the
uppermost soil layer is extremely low, a clear daily cycle
of water content change in the soil can be observed. In
Figure 5 the differences between total soil water content and
the maximum daily total water content (mm water) are

Table 1. Closure Achievement as Has Been Reported by Several

Authors

Source Degree of Closure

Ma et al. [2003] 70%
Turnipseed et al. [2002] 75–95% with average of 85%
Tanaka et al. [2001] 70%
Anthoni et al. [2000] 70–80%
Unland et al. [1996] mention a regression coefficient of 0.96

without any information about the slope

Figure 5. The differences between total soil water content and the maximum daily total water content
(mmwater), as measured in 16–17 June, 17–18 July, 4–5 August, 25–26 September, and 29–30 October.
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presented. The largest diurnal change in the soil water
content was measured in July, and the smallest in October.
The soil matric potential at wilting point, which, as has been
mentioned, is used in many models as the critic value for
‘‘latent heat flux shut down,’’ is commonly set at �15 bar.
For the conditions prevalent at the research site, throughout
the entire dry season, the soil is drier than the wilting point
and most models would predict no latent heat flux.
[22] The most important micrometeorological parameters,

which are expected to affect the diurnal change in soil water
content, are presented in Figure 6 for the corresponding
five campaigns. The high level of short wave radiation
(Figure 6a) is a characteristic of the Negev desert in
which the measurements were carried out [Berliner and
Droppelmann, 2003]. For all campaigns, except 29 October,
the short wave radiation reached a maximum at �13:00. A
very similar radiation regime can be observed for June–
August, for which the highest radiation flux densities were
measured, with a notable decrease in September. The abrupt
course of the incoming radiation flux density during
29 October indicates that it was a cloudy day. The high
levels of incoming radiation during the three first campaigns
and the decrease from August to October agree well with
the seasonal pattern found for the 24-hour minimum water
content. In general, the higher the radiation level was, the
lower was the minimum water content.
[23] The highest air temperatures were measured during

the June campaign, and the lowest temperatures were
measured during the October campaign (Figure 6b). Max-
imum air temperature was measured at �16:00, 3 hours
later than the radiation peak. The wide peak during
29 October is the result of the presence of clouds. Minimum
air temperature was monitored close to sunrise. The diurnal
temperature range was large (17.18 ± 2.50�C) as can be

expected in a desert environment. No significant changes
in the daily temperature range were observed for the
measurement days.
[24] The daily course of the relative humidity (RH)

(Figure 6c) has no clear seasonal trend. For all five
campaigns, minimum RH was reached at the approximate
time of the maximum air temperature (14:00–16:00). A
steep increase can be observed thereafter, until midnight.
During none of the nights, relative humidity reached 100%.
It was very close to saturation for a few hours during the
night of 25–26 September. The drier night was 17–18 July,
but even during this night the RH was �90% for a short
period. The fact that saturation was not reached indicates
that no fog event occurred during the campaigns. There
seems to be no clear correlation between the daily course of
RH and the change in the topsoil water content.
[25] The soil surface temperature (Figure 6d) reached a

daily maximum slightly later than the maximum incoming
radiation (�30 min), and slightly earlier than the minimum
water content (�30–60 min). The highest soil surface
temperatures were measured during June–August. A nota-
ble decrease from August to October was observed. The
ranges between maximum and minimum diurnal temper-
atures, for the five dates, are as well plotted in Figure 6d.
Maximum range (47�C) was observed on 16–17 June (from
59.5�C at noon to 13.5�C just before sunrise). A significant
decrease in the diurnal range can be seen, with a minimum
of �28�C on 29–30 October.
[26] The components of the energy budget at the soil

surface are presented in Figures 7a–7e. Fluxes directed
toward the soil surface were defined as positive. Owing to
instrumentation breakdown, no data of the sensible heat flux
density were available for 16–17 June. The net-radiation
level, during both daytime and nighttime, changed through-

Figure 6. The daily course of important micrometeorological parameters: (a) incoming short-wave
radiation, (b) air temperature, (c) relative humidity, and (d) soil-surface temperature, as measured in 16–
17 June, 17–18 July, 4–5 August, 25–26 September, and 29–30 October.
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out the season in a pattern similar to the one exhibited by
the incoming short wave radiation, decreasing (in absolute
values) from August to October. A corresponding decrease
can be clearly observed for the sensible heat flux density. To
a lesser extent, the same pattern can be found for the soil-
and the latent- heat flux densities.
[27] It can be observed that, during daytime, a large

fraction of the net-radiation was dissipated as sensible heat.
However, the soil and the latent heat flux densities are not
negligible. During nighttime, the soil heat flux density is the
most dominant component of the energy balance, the
sensible heat flux density is very small, and in most
campaigns the latent heat flux density is significantly larger
than the sensible one.
[28] The average values of the Bowen ratio, computed

from the above-mentioned fluxes, are presented in Table 2.
These values were computed for several representative hours
during the day and the night for each of the campaigns.
These values confirm what can be visually interpreted from
Figure 7. The Bowen ratio is consistently smaller than
1 during the night, a fact that indicates that indeed the
magnitude of the latent heat flux density during these hours
is significantly larger than the sensible heat flux density.
[29] In order to assess the role of the latent heat flux

density in the energy balance, it is necessary to compare its
magnitude to the magnitude of the sensible and soil heat flux
densities. Figures 8a–8e present the sensible-, latent-, and
soil- heat flux densities as fractions of NR (i.e., H + G + E =
100%). Since no direct measurements of sensible heat flux
density were available for 16–17 June, it was derived from
the energy balance equation.
[30] In the afternoon (�12:00–17:00) the sensible heat

flux density is the dominant flux, being approximately 70%
of the net radiation. The interesting fact is that the remaining

30% are evenly split between the latent and the soil heat flux
densities (i.e., �15% each). During the late afternoon
(�17:00–20:00) the sensible heat flux direction remains
the same, from the soil surface toward the atmosphere. The
soil heat flux direction, however, has already changed and is
now directed toward the soil surface. It can be observed that
while the sensible heat flux density decreases, the soil heat
flux density increases. The latent heat flux density during
these hours does not show a clear trend, but its magnitude
remains in the range of 10–15% of the net-radiation. During
the night (�20:00–06:00) the soil heat flux dominates the
scene, being approximately 70% of the net-radiation. The
sensible heat flux density during these hours was only about
10% of the net-radiation, and the latent heat flux density was
about 20%. In the morning (�06:00–12:00) the soil heat flux
changes direction and decreases gradually, while the sensible
heat flux changes direction about one hour later and increases
gradually. The percentage of the latent heat flux remains
approximately constant, about 10–15% of the net-radiation.

5. Conclusions

[31] Measurements carried out above a loess soil in the
Negev desert, during the dry season, indicated that the water

Figure 7. The daily course of the energy balance components, as measured during the five 24-hour
campaigns, throughout the dry season of 2002.

Table 2. Average Values of the Bowen Ratio: Nighttime,

Daytime, and Total Averages Computed From Several Represen-

tative Hours for Each of the Dates

Date Day Night 24 Hours

17–18 July 6.89 0.33 3.08
5–6 Aug. 7.08 0.16 3.39
25–26 Sept. 8.83 0.49 4.12
29–30 Oct. 6.75 0.91 3.28
Average 7.39 0.47 3.47
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content of the uppermost soil layer reach values that are
significantly and systematically lower than the wilting point.
Most of the commonly used meteorological models would
therefore assume no latent heat flux. Nevertheless, latent heat
flux densities were monitored throughout the dry season.
[32] Latent heat flux density reaches �20% of the net-

radiation during the night, and thus plays a major role in the
dissipation of the net radiation. However, it should be kept
in mind, that the overall flux densities at night are rather
small. The 10–15% of the net-radiation during the day is
even more significant as the magnitude of the flux densities
is much larger. It is thus clear that models that assume that
during the dry season there is no latent heat flux over
deserts may lead to erroneous results.
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